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Ground water is water under positive (i.e.,

greater than atmospheric) pressure in the saturated

zone of earth materials. The water table is the fluctu-

ating upper boundary of the ground-water zone at

which pressure is atmospheric (denoted on diagrams

by the hydrat symbol, ). Figure 9.1 shows the gen-

eral relations between ground water and surface wa-

ter. Most water enters the ground-water reservoir

when infiltrated water arrives at the water table as

recharge; recharge can also occur by horizontal or

vertical seepage from surface-water bodies. Under

natural conditions ground water eventually dis-

charges into rivers or lakes or, in coastal areas, di-

rectly into the ocean; water can also leave the ground-

water reservoir by moving upward from the water ta-

ble into the capillary fringe and thence into the unsat-

urated zone, where it is subject to evapotranspiration.

Ground water constitutes about 30% of the

world�s total fresh water and 99% of its total stock of

liquid fresh water (table 2.5). As with all hydrologic

stocks, ground water is in continual motion, albeit

slow (typically much less than 1 m/d). Using the val-

ues from figure 2.20 in equation (1.25), one can cal-

culate that the overall residence time for the global

ground-water reservoir is about 235 yr; for moderate-

to large-scale regional flow systems in various parts

of the world residence time varies from a few years

to 1,000 years or more. In spite of its slow pace,

ground water is a crucial link in the hydrologic cycle

because it is the source of most of the water in rivers

and lakes.

Ground water is, of course, also important as the

direct source of water withdrawn for domestic water

use, irrigation, and industrial uses worldwide. In the

United States, about one-fourth of the water used for

these purposes comes from ground water, and the

proportion is much higher for many regions; concern

about the quantity and quality of ground water is

one of the major water-resource issues in many parts

of the world.

The material properties of porous media were

described in sections 7.1 and 7.2, and the basic phys-

ics of ground-water flow were developed in section

7.3. For convenience, the basic equations and con-

cepts of ground-water flow are summarized in box

9.1 on p. 391.

Our focus in this chapter is on ground water as a

link in the hydrologic cycle. We will examine the ef-

fects of topography and geology on natural ground-

water flows in drainage basins; how ground water in-
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teracts with streams, lakes, wetlands, and the ocean;

the role of ground water in the drainage-basin water

balance; and approaches to the quantitative evalua-

tion of components of the ground-water budget. We

will also briefly examine the hydraulics of wells, how

human use of ground water affects the basin water

balance, and the concept of �safe yield.� We do not

explore the chemical evolution of ground water or its

relation to geotechnical problems or geologic pro-

cesses; these topics are well covered in many texts

devoted exclusively to hydrogeology (e.g., Freeze

and Cherry 1979; Fetter 2001).

A geologic formation is a regionally extensive,

mappable geologic unit with a characteristic lithol-

ogy. For our purposes, an aquifer is a formation that

can store enough water and transmit it at a rate fast

enough to be hydrologically significant. A given

aquifer has reasonably uniform water-storage and

transmitting properties, and the ground-water move-

ment within it can be considered to be the flow field

induced by a single coherent potential-energy field.

Formations that do not transmit water at hydro-

logically significant rates are called aquitards. The

term aquiclude is sometimes used to describe an �im-

permeable� formation, but it is now recognized that

few, if any, geologic materials are strictly impermeable.

Note that the definitions of aquifer and aquitard

are relative, and depend on the particular regional

context: In an area of interbedded sands and silts, the

sands would be considered aquifers and the silts

aquitards; in an area of interbedded silts and clays,

the silts would be aquifers and the clays aquitards. In

the context of runoff generation, the aquifer of inter-

est may be a thin surficial layer capable of conduct-

ing infiltrated water to streams. In the context of

water resources, an aquifer is a geologic unit that is a

significant source of water.

Figure 9.1 illustrates the two major classes of

ground-water flows, which are distinguished by the

nature of the upper boundary of the flow:

1. Unconfined aquifers: If the upper boundary of a

ground-water flow is a water surface at atmo-

spheric pressure (the water table), the flow and the

aquifer in which it occurs are unconfined. At the

water table, the pressure is atmospheric, the gauge

pressure p = 0, and the total head is equal to its ele-

vation above the selected datum, z. The elevation

of the water table can be determined as that of the

water surface in a well open along its length and

extending just deep enough to encounter standing
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water (Freeze and Cherry 1979). Recharge to

unconfined aquifers usually occurs from infiltrated

water percolating vertically to the water table over

a significant portion of the upper surface. The ele-

vation of the water table changes as the flow

through the aquifer varies; thus flow and storage in

unconfined aquifers are correlated, as in streams.

2. Confined aquifers: If an aquifer is saturated

throughout and bounded above and below by for-

mations with significantly lower hydraulic conduc-

tivity, the flow and the aquifer are confined; the

bounding aquitards are called confining layers. The

pressure throughout is greater than atmospheric,

and the water level in an observation well penetrat-

ing a confined aquifer will rise above the upper

boundary to coincide with the potentiometric sur-

face, an imaginary surface analogous to the water

table. Major recharge to a confined aquifer occurs

from water infiltrating at its �upstream� end, where

the flow is not confined and a water table is present.
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The boundary of the flow in a confined aquifer

does not change with time; thus flow and storage in

confined aquifers are not correlated, as in pipes.

It is important to recognize that the unconfined/

confined categories are idealizations, and that the

three-dimensional spatial variability of geologic con-

ditions produces flows that may have some of the

characteristics of both types. As noted, most confin-

ing layers can transmit some ground water, and if the

amount transmitted is significant such layers are

called leaky aquitards.

9.1.3.1 Specific Storage and Storage Coefficient
The volume of water stored in a saturated po-

rous medium per unit volume of medium equals the

porosity, [equation (7.4)], and the degree of satura-

tion, * [equation (7.8)], equals unity.1 However, the

actual volume of water in a unit volume of porous

medium may change in response to changes in head;

these changes are reflected in the values of the specific

storage and the specific head.

Consider a small unit area (say 1 m2) on the

earth�s surface above an aquifer. The saturated thick-

ness of the aquifer beneath that area is designated H

[L]. When the hydraulic head in the aquifer in-

creases or decreases, water is taken into or released

from storage. The increase or decrease in volume of

water stored beneath the unit area per unit increase

or decrease in head is the specific storage, Ss [L
�1], of

the aquifer [equation (9B1.7)].

We can also define a dimensionless measure of

storage, equal to the change in volume of stored wa-

ter per unit aquifer surface area per unit change in

head; this is the storage coefficient, S [1]:

Specific storage and storage coefficient are related as

S = H · Ss. (9.2)

The mechanisms relating changes in head and

changes in storage, and the relative magnitudes of

these changes, differ for unconfined and confined

aquifers, as described in the following sections (fig-

ure 9.2).

(9.1)
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9.1.3.2 Unconfined Aquifers
In an unconfined aquifer, a change in head pro-

duces a change in the volume of water in the me-

dium (figure 9.2a). A decrease in head is reflected in

the lowering of the water table and a concomitant

decrease in water content of the portion of the aqui-

fer through which the water table descends and in

the overlying unsaturated zone (figure 9.3). The op-

posite occurs for an increase in head. The amount of

water-content change is characterized by the specific

yield, Sy, defined as the volume of water released per

unit surface area per unit decline of water table (fig-

ure 9.2a). Thus for an unconfined aquifer,

S = Sy. (9.3)

Typical values of Sy are shown in table 9.1.

The relative volume of water retained in the por-

tion of the aquifer experiencing a head decline is the

specific retention, Sr . Thus

The water remaining in the portion of the medium

experiencing a water-table decline is held by surface-

tension against gravity, so specific retention is essen-

tially identical to field capacity (section 8.1.1). Recall

also that soil drainage is not instantaneous, and

many days may be required for water content to de-

cline to Sr in a draining aquifer (figure 8.1).

9.1.3.3 Confined Aquifers
In a confined aquifer, a decrease in head is re-

flected in a lowering of the piezometric surface, but

the aquifer beneath the unit surface area remains sat-

urated (figure 9.2b). In this case, the decrease of stor-

age accompanying the head decrease is due to: (1)

compaction of the aquifer as part of the weight of the

overlying material is transferred from the liquid to

the solid grains, resulting in an increase in effective

stress and a slight decrease in porosity and (2) ex-

pansion of the water due to the lowered pressure

(box 9.2 on p. 395). The changes are reversed for an

increase in head.

Following Freeze and Cherry (1979), when a

volume VT of a saturated aquifer is subjected to an

increase in effective stress d eff, it is compacted by an

amount �dVT, and an equal volume of water dVw is

expelled. Thus from equations (9B2.5) and (9B2.6),

dVw = �dVT =  · VT · d eff = �  · VT ·  · dh,

(9.5)

where  [L2 F�1] is the aquifer compressibility and 

[F L�3] is the weight density of water. Thus for a unit

volume (VT = 1) and a unit head decline (dh = �1),

the volume of water expelled becomes

dVw =  · . (9.6)

The increase in effective stress produces a de-

crease in fluid pressure and head [equations (9B2.3)

and (9B2.4)], which produces an expansion in the

water. From equation (9B2.1), this is given by

dVw = �  · Vw · dp. (9.7)

The total volume of water in the unit volume of

medium is  · VT, where  is porosity. Thus using

equation (9B2.4), equation (9.7) becomes

Thus the specific storage for a confined aquifer is the

sum of the water-volume changes due to compac-

tion/expansion of the medium [equation (9.6)] and

of the water [equation (9.8)]:

The dimensionless storage coefficient, S, for a con-

fined aquifer is often called the storativity; combin-

ing equations (9.2) and (9.9) gives

Storativities for confined aquifers are usually in the

range 5×10�5 to 5×10�3; i.e., at least an order of

magnitude less than the specific yield for uncon-

fined aquifers.

S Sy r . (9.4)

dVw . (9.8)

Ss . (9.9)

S H . (9.10)
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The fundamental transmission property of a po-

rous medium is its saturated hydraulic conductivity,

Kh, which is the volume rate of flow per unit area

transmitted through the medium by a unit hydraulic-

head gradient [equation (9B1.2)]. Methods of mea-

surement and ranges of values of Kh were described in

section 7.3. As noted there, K
h
 has significant spatial

variability, even within a given aquifer, and conductiv-

ity at a “point” may be different in different directions.

Figure 9.4 illustrates the four possible combinations of

anisotropy and heterogeneity: If Kh at a “point” is the
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same for all directions, the medium is isotropic; oth-

erwise it is anisotropic. If the conductivity in all direc-

tions is the same at all �points,� the medium is

homogeneous; otherwise it is heterogeneous.

When dealing with flows to wells in confined

aquifers in which Kh and the saturated thickness, H,

are only slightly variable and the flow paths are ap-

proximately horizontal, ground-water hydrologists

often use the concept of aquifer transmissivity, T [L2

T�1], defined as

T H · Kh. (9.11)

Unconfined aquifers are reservoirs in which out-

flow is related to storage [equation (1.23)], and stor-

age is related to inflow and outflow. A relative

measure of the time scale at which aquifer storage

and outflow vary is given by

where  is aquifer response time [T], L is a measure

of the horizontal extent of the aquifer [L], and the

other symbols are as defined earlier. The inverse of 

is often called the aquifer response rate (Erskine and

Papaioannou 1997). These response characteristics

appear in various contexts later in this chapter.

As noted, the S values, and hence response

times, for unconfined aquifers are orders of magni-

tude greater than those for confined aquifers, because

changes in storage in unconfined aquifers reflect the

L S

H K

L S

Th

2 2

, (9.12)
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actual filling and emptying of soil pores rather than

the very minor effects of water and aquifer compress-

ibility. Unconfined aquifers may also be subject to re-

charge by infiltration and water loss in response to

evapotranspiration over their entire extents. Thus

and unconfined aquifers will be the sole focus of sub-

sequent ground-water treatments in this text.

As discussed in section 1.10.3, the residence time

of water in a reservoir is the average length of time a

“parcel” of water spends in the reservoir. Aquifer res-

idence time also characterizes the timing of aquifer

responses to changes in recharge and the fate of con-

taminants that are subject to chemical and biological

processes as they move through aquifers to surface-

water bodies (Haitjema 1995). From equation (1.25),

the general definition of residence time, TR, is

For an unconfined aquifer of average saturated thick-

ness H, this becomes

where R is average recharge rate per unit area [L T�1].

Recall that the general ground-water flow equa-

tion [equation (9B1.8)] is derived by combining

Darcy’s law with the conservation of mass. To illus-

trate the essential features of regional ground-water

flow systems, we will use solutions of that equation

that represent steady flow in two-dimensional vertical

slices through unconfined aquifers (like figure 9.1),

imposing simple boundary conditions that represent

idealized configurations of topography and geology.

For these conditions, the general equation becomes

where x is the horizontal coordinate and z is the verti-

cal coordinate. In many of our examples, we assume

that the hydraulic-conductivity field is isotropic (i.e.,

Khx = Khz ), and the general equation reduces to the

Laplace equation,

As noted in section 7.3.4, solutions to these

equations are shown as flow nets giving the pattern

of equipotentials and streamlines that is consistent

with the boundary conditions and the distribution of

conductivity values. The spacing of the equipoten-

tials is inversely related to the head gradient, so the

relative intensity of the circulation is larger where the

equipotentials are closely spaced. The rate of flow in

the direction of the streamline at any point can be

calculated by determining the head gradient in that

direction and multiplying it by the local value of hy-

draulic conductivity.

In nature, topography, conductivity, and climate

influence infiltration, recharge, evapotranspiration,

and discharge of ground water to streams, and hence

the water-table configuration. The water-table con-

figuration in turn influences the distribution of re-

charge and discharge conditions, as discussed in

section 9.5. These interactive processes are not incor-

porated in the solutions we examine here; instead,

water-table configurations typical of those observed

in nature are specified as imposed boundary condi-

tions. However, if the general configuration of the

water table does not greatly change through the year,

and if the fluctuations of the water table at any point

are small relative to the thickness of the saturated

zone (as is often the case), equation (9.15) provides

an instructive picture of the essential features of re-

gional ground-water flow under various topographic

and geologic conditions. Note that these features are

independent of the scale of the flow system.

Figure 9.5 shows the effects of overall aquifer ge-

ometry on solutions to equation (9.15). In both cases,

the upper flow boundary is a gently sloping water ta-

ble, the lower boundary is a horizontal impermeable

layer, the right boundary is a divide where flow is

vertically downward, and the left boundary is a val-

ley where flow is vertically upward. In relatively thin

aquifers, the flow is essentially horizontal except at

(9.13)
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the divide and valley (figure 9.5a); in relatively thick

aquifers the vertical components of the streamlines

are much greater throughout (figure 9.5b).

The flowlines represent flow from recharge areas

to discharge areas:

• Recharge areas are regions in which the ground-

water flow is directed away from the water table.

• Discharge areas are regions in which the ground-

water flow is directed toward the water table.

• The line separating recharge and discharge areas is

called a hinge line.

The water table is usually at some depth in re-

charge areas and at or near the surface in discharge

areas. Thus discharge areas are usually the sites of

surface-water bodies: streams, lakes, wetlands, or, if

highly localized, springs.

Note that basic water-balance considerations dic-

tate that the average rate of discharge from a regional

aquifer must be equal to the average rate of recharge.

Since recharge rate (  precipitation less evapotranspi-

ration) is determined largely by climate, topography

and geology determine only the spatial distributions

of discharge and recharge, not the absolute rates.
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Figure 9.6 shows a cross section through an ide-

alized hilly upland area in a humid region, underlain

by permeable deposits with homogeneous and isotro-

pic conductivity resting on an impermeable base. Un-

der these conditions, the solution of equation (9.15)

results in a general head gradient from the divides to-

ward the streams, with the flow moving downward

and diverging near the divide and then upward and

converging toward the valleys, where ground-water

discharge produces streams. A boundary streamline

flows vertically downward at the divides, horizon-

tally along the impermeable base, and vertically up-

ward under the streams. Thus in hilly humid areas,

� Surface divides and streams are usually the bound-

aries of ground-water flow systems;

� The balance between net vertical recharge and lat-

eral ground-water flow produces a water table that

is a subdued replica of the ground surface;

� The higher the ratio of recharge rate to hydraulic

conductivity, the more closely the water table repli-

cates the topography.

However, in arid regions or areas of asymmetric to-

pography or heterogeneous geology, ground-water

divides may not coincide with surface-water divides

and surface-water bodies.

Figure 9.7 shows the flow nets for two situations

of identical geology, depth to impermeable base, and

lateral dimension. Both have a major valley on the

left and an upland area toward the right, but the

smaller-scale topography (as represented by the wa-

ter table) differs. In figure 9.7a the water table is a

gently sloping plane, such as might be found beneath

a region of undeformed lake or coastal-plain sedi-

ments; the water table in figure 9.7b reflects a hilly

upland superimposed on the general leftward-slop-

ing topographic trend, such as might be found in a

region of glacial deposits.

The plane water table of figure 9.7a results in a

single flow system, with the recharge area extending

down to the central valley. In figure 9.7b, on the

other hand, each hill in the water table produces a

small-scale recharge-discharge system that circulates

above a larger-scale flow in the left half of the sys-

tem, and both these systems circulate above a still

larger-scale flow system extending from the major di-

vide to the major valley.

Patterns like that in figure 9.7b led Tóth (1963)

to conclude that, in many situations, one can iden-

tify local flow systems, in which water moves from a

recharge area to the next adjacent discharge area; re-

gional flow systems, in which the flow is from the

recharge area farthest from the main valley to the

discharge area in the main valley; and intermediate

flow systems, in which the flow path is longer than

local but shorter than regional (figure 9.8 on p. 401).

Regions with little local relief typically have only

regional systems, and regions with pronounced local

relief typically have only local systems. However, the

pattern of development of flow systems of various

scales is affected also by the overall system geometry:

Development of local flow systems is favored where

the depth to the impermeable layer is small relative to
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the distance from the main valley to the divide, and

the more pronounced the relief, the deeper the local

systems extend; regional systems are favored where

the impermeable layer is deep relative to that distance.

(These relations are examined further in section 9.2.5.)

Thus, as noted by Freeze and Cherry (1979), to-

pography alone can create complex ground-water

flow patterns. In general, uplands are recharge areas

and lowlands are discharge areas; hinge lines are

usually closer to the valleys than to the divides and

discharge areas typically constitute less than 30% of

a given drainage basin.

The most important geologic factors controlling

the directions and relative rates of ground-water

movement are:

1. Lithology: The mineral composition, grain-size

distribution, and grain-shape characteristics of

rocks and unconsolidated geologic materials that

control the hydraulic conductivity distribution.

2. Stratigraphy: The geometrical relations among

the various formations which, except for intrusive

igneous or highly metamorphosed rocks, are typi-

cally layered.

3. Structure: The general arrangement and relative

positions of formations, especially as modified by

deformational processes such as folding, faulting,

and jointing (formation of cracks) and intrusion

of igneous rocks.

As noted by Freeze and Cherry (1979), an un-

derstanding of the lithology, stratigraphy, and struc-

ture of a region usually leads directly to an

understanding of the distribution of aquifers and
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confining beds, and hence to a qualitative under-

standing of at least the major characteristics of

ground-water movement. Complete understanding

of the role of ground water in a region�s hydrology

must be based on detailed geologic mapping, subsur-

face exploration, and modeling.

Figure 7.9 shows the ranges of saturated hydrau-

lic conductivity and table 9.1 gives some typical val-

ues of porosity, specific yield, and specific retention

for various geologic materials. Figure 9.9 shows the

distribution of the principal types of aquifers in the

conterminous United States. More detailed informa-

tion about regional ground-water geology and the

ground-water characteristics of various types of geo-

logic materials can be found in McGuinness (1963),

Freeze and Cherry (1979), US Geological Survey

(1985), and Fetter (2001).

Geologic conditions display infinite variability, so

we can only suggest the types and magnitudes of geo-

logic effects on ground-water flow patterns by exam-

ining a few idealized situations. In these depictions,

variations in geology are represented by differences in

the relative magnitudes of saturated hydraulic con-

ductivity.

Figure 9.10 on p. 403 shows the effects of a bur-

ied layer with hydraulic conductivity 100 times

greater than the overlying layer on the flow net for a

sloping-plane topography. Comparing this net with

figure 9.7a, where the flow is essentially horizontal,

the flow in the upper layer now has a strong vertical

component and the hinge line moves upslope.

The effect of a buried high-conductivity layer in

a region of hilly topography can be seen by compar-

ing figure 9.11 with figure 9.7b. In figure 9.11 on p.

403, the buried layer changes the local flow systems

near the divide to intermediate systems, reduces the

flow intensities in the remaining local systems, and

increases the intensity and extent of the discharge

area in the main valley.

Figure 9.12 on p. 404 shows the effect of a basal

lens of high-conductivity material in the upper por-

tion of a system with flat topography. The flow net is

much altered from that in figure 9.7a, with a dis-

charge zone in mid-basin.
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Figure 9.13 is a cross section of an actual flow

system in glacial deposits in Saskatchewan, Canada,

that illustrates the complexity of flow patterns that

can exist in nature. Note that recharge occurs over al-

most the entire section, and that Notukeu Creek is a

site of recharge, not discharge. Discharge occurs only

to Wiwa Creek, but there is also flow beneath that

stream and the northern upland to some other re-

gional discharge site to the northeast.

Freeze and Witherspoon (1967) presented flow

nets for combinations of idealized topography and

geology other than those shown here. All these ex-

amples show clearly that variations in geology,

which might not be apparent without detailed sub-

surface exploration, can produce a wide range of

possible flow-net configurations consistent with a

given water-table configuration. Thus information

about subsurface geologic conditions and hydraulic

head is necessary for formulating an accurate picture

of regional ground-water flow.

9.2.5.1 Hydrologic Landscapes
Winter (2001) introduced the concept of hydro-

logic landscape as a framework for synthesis and

analysis of the interactions between topography, ge-

ology, and climate. This concept is based on the idea

that a simple landform�an upland adjacent to a

lowland separated by an intervening steeper slope

(figure 9.14 on p. 406)�along with its geology and

climate, is the basic building block of all hydrologic

landscapes. Winter (2001) called this feature a fun-

damental hydrologic landscape unit (FHLU).

The central hydrologic feature of an FHLU is a

simple ground-water flow cell from the upland to the

lowland, involving the movement of water between

the atmosphere (precipitation and evapotranspira-

tion), surface water (controlled by the slopes and per-

meability of the unit�s surfaces), and ground water

(controlled by the hydraulic characteristics of the

unit�s geologic framework). Thus in a given context,
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the characterization of the FHLU would involve a

description of climate; the surface slopes and areas of

the upland, lowland, and intervening steeper slopes;

and the hydraulic properties of the geologic units.

Figure 9.15 shows six general FHLU types that

occur commonly in various parts of the world. In all

these systems

• The water table is a subdued replica of the topog-

raphy; and

• Downward components of ground-water flow oc-

cur at downward breaks-in-slope of the water table,

and upward components at upward breaks-in-slope.

In some settings, this may result in wetlands in the

area of lower slope; wetlands may also occur where

the water table intersects the lower part of the steeper

land-surface slope.

The FHLU concept provides useful generaliza-

tions about the nature of ground-water–surface-water

interactions in various physiographic, geologic, and

climatic settings. It also provides a basis for subdivi-

sion of a region of any scale into areas likely to have

similar surface-runoff and/or ground-water flow

fields for hydrologic analysis and hypothesis testing.

The hypotheses can then be tested by study of a par-

ticular area, or they can be the foundation for plans 

of study, design, and evaluation of data networks, 

syntheses of existing information, enhancing transfer 

value of information from well studied to unstudied 

sites, or comparisons of research results from a wide 

variety of small research sites. (Winter 2001, p. 341)

9.2.5.2 Water-Table Ratio

A recent quantitative approach to regional

ground-water analysis (Gleeson et al. 2011) com-

bines the influences of topography, geology, and cli-

mate into a dimensionless water-table ratio (WTR):

where R is average recharge rate [L T–1], X is average

horizontal distance between streams [L], Kh is hy-

draulic conductivity [L T–1], H is average vertical ex-

tent of the aquifer flow system [L], and Z is

maximum watershed relief [L] (figure 9.16 on p.

408). Where WTR > 1, the water table is topogra-

phy-controlled: the water table is relatively shallow

and closely associated with topography. Where WTR

< 1, the water table is recharge-controlled: the water

table is deep and largely unrelated to topography.

Using available databases for values of R (0 to

2.2 m/yr), K
h
 (0 to 4,000 m/yr), and Z (0 to 4,000

m), Gleeson et al. (2011) calculated WTR for water-

sheds of ~100 km2 area in the contiguous United

States (H and X were assumed to be essentially con-

stant because all the watersheds were of similar size).

These values varied over ~11 orders of magnitude,

largely because of the variability of Kh, so values of

log(WTR) were mapped. Although there was very

little correlation among the R, K
h
, and Z values,

there was strong regional coherence in log(WTR)

values. They found that areas with topography-con-

trolled water tables [log(WTR) > 0] occur in humid

(high-recharge) regions with subdued topography,

low hydraulic conductivity, and shallow and less

variable water-table depths; local rather than re-

gional ground-water flow is typical of these areas

(e.g., in the Northeast). Conversely, recharge-con-

trolled water tables [log(WTR) < 0] occur in arid re-

WTR
R X

K H Zh

2

8
, (9.16)
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gions with mountainous topography and high

hydraulic conductivity; water tables are deep, and re-

gional rather than local flow systems dominate (e.g.,

in the Southwest and Rocky Mountains).

Gleeson et al. (2011) concluded that differentiating

water-table types on the basis of WTR provides a basis

for conceptualizing regional ground-water flow sys-

tems, understanding the relation between ground water

and surface water, and understanding the coupling of

land-surface processes (precipitation, snowmelt, and

evapotranspiration) to ground-water circulation. Thus

in many respects, WTR is a quantification of Winter�s

(2001) hydrologic landscape approach.

Streams range in size from rills to brooks to rivers,

and there are no strict quantitative boundaries to the

application of these terms. The channel geometry,

bank and bed materials, and flow characteristics of a

given stream as identified by a single name (e.g., Bea-

ver Brook, Mekong River) usually change significantly

along its length. Thus for purposes of describing and

understanding natural streams we focus on the stream

reach, which is a stream segment with fairly uniform

size and shape, water-surface slope, channel materials,

and relation to ground-water inflows and outflows.

The length of a reach depends on the scale and pur-

poses of a study. The volumetric flow rate (volume per

unit time) within a channel is the discharge or stream-

flow [L3 T�1]; this quantity varies along a stream and

with time at a given location.

Here we examine the types of relations that can

exist between stream reaches and ground water, de-

fine some useful terms, and introduce a simple but

useful quantitative model of the relation between re-

charge, ground-water flow, and streamflow. Ap-

proaches to quantifying ground-water contributions

to streamflow are discussed in section 9.5.3.

9.3.1.1 Event Flow and Base Flow

Water that enters streams promptly in response to

individual water-input events (rain and/or snowmelt)

is called event flow, direct flow, storm flow, or quick

flow. This is distinguished from base flow, which is

water that enters from persistent, slowly varying (long-

residence-time) sources and maintains streamflow be-

tween water-input events. Stream reaches that receive

large proportions of their flow as base flow tend to

have relatively low temporal flow variability, and

hence provide a more reliable source of water for vari-

ous water-resource purposes (water supply, waste-wa-

ter dilution, navigation, hydropower generation, etc.).

It is usually assumed that most, if not all, base

flow is supplied by ground-water discharge, as de-

picted in figures 9.5�9.7 and 9.10�9.12. However,

base flow can also come from lakes or wetlands, or

even from the slow drainage of relatively thin soils

on upland hillslopes (Hewlett and Hibbert 1963).

Conversely, ground water can also contribute to

quick flow; these aspects of ground-water�surface-

water relations are examined in chapter 10.
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9.3.1.2 Stream Types
A stream reach that occurs in a discharge area

and receives ground-water flow is called a gaining

(or effluent) reach; its discharge increases down-

stream. The surface of gaining reaches is generally

very slightly below the out-cropping of the water ta-

ble, with a thin seepage face between the two sur-

faces (figure 9.17a).

A losing (or influent) reach is one in which dis-

charge decreases downstream; such a reach typically

occurs in a recharge zone and may either be con-

nected to (figure 9.17b) or �perched� above (figure

9.17c) the general ground-water flow. A flow-

through reach is one that simultaneously receives

and loses ground water (figure 9.17d).

Relations between ground water and streams are

highly dynamic, especially in humid regions. During

wet seasons, when recharge exceeds evapotranspira-

tion, the water table rises and intersects stream chan-

nels widely over the watershed, converting dry,

losing reaches to gaining and making the watershed

more responsive to water-input events (section 10.4).

In seasons when precipitation is less or evapotranspi-

ration greater, the water table recedes and upstream

gaining reaches become losing. A stream reach that

contains flow all year is perennial; one with flow

only during wet seasons is intermittent; one with

flow only in response to a water-input event is

ephemeral. Perennial and intermittent reaches are

usually sustained by ground-water flow between wa-

ter-input events (gaining), while ephemeral reaches

are usually losing.

9.3.1.3 Hyporheic Flow
Hyporheic flow is the exchange of stream water

and ground water that occurs in the stream bed. The
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hyporheic zone can extend laterally from the stream

up to hundreds of meters under the floodplain (e.g.,

Jones et al. 2007), and vertically several meters into

the stream bed (Tonina and Buffington 2011). Buried

paleochannels can create high-conductivity zones

that conduct hyporheic flow away from and back to-

ward the active channel (e.g., Kasahara and Wond-

zell 2003). The importance of the hyporheic zone to

water quality and aquatic organisms, including fish

spawning, is increasingly being recognized (e.g.,

Hakenkamp et al. 1993).

Hyporheic flow is produced by variations in bed

topography that create pressure-head differences:

Flow enters the bed in zones of high pressure, and re-

enters the channel in zones of low pressure. Based on

flume experiments and modeling, Tonina and Buff-

ington (2011) found that the depth of the hyporheic

zone was about 0.3 times the streamwise spacing of

the bedforms, and that the characteristics of hypo-

rheic exchange vary with stream discharge, bedform

amplitude, and depth of alluvium, as summarized in

table 9.2. The depth of alluvium is the primary con-

trol on the character of hyporheic flow when an im-

permeable sublayer is present at a depth less than 0.3

times the bedform spacing. Stream discharge controls

the pressure distribution at the sediment interface

and bedform amplitude influences pressure distribu-

tion and the area of bed available for exchange.

9.3.1.4 Bank Storage
The lateral exchange of water between the chan-

nel and banks is commonly significant during high

flows, and is termed bank storage. When an event

flow enters a gaining reach, a flood wave forms and

travels downstream (section 10.5). As the leading

edge of the wave passes, the stream-water level rises

above the water table in the bank, reversing the head

gradient and inducing flow from the stream into the

bank (figure 9.18b). After the peak of the wave

passes, the stream level declines and a streamward

gradient is once again established (figure 9.18c).

Now the wedge of stream-water storage created by

the rapid rise drains in both directions, but ultimately

all returns to the stream.

By temporarily removing water from the channel,

bank storage reduces the magnitude and delays the

peak of the flood wave that would otherwise have oc-

curred in response to the water-input event (figure

9.19). The importance of this natural flood-control

process varies depending on the channel configuration

and material, the extent of the permeable banks, and

the rate of rise, magnitude, and duration of the flood

wave. Approaches to quantitative modeling of bank

storage have been developed by Rorabaugh (1964),

Pinder and Sauer (1971), Moench et al. (1974), Hunt

(1990), and Whiting and Pomeranets (1997).

9.3.1.5 The Dupuit Approximation
In gaining streams, which are typical of humid

regions, streamflow consists largely of drainage from

unconfined aquifers (figures 9.6 and 9.17a). Flow in

unconfined aquifers is inherently difficult to charac-

terize because the position of the upper flow bound-

ary (the water table) changes with time. However,
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useful approximate analytical solutions to many un-

confined flow problems can be developed using as-

sumptions formulated by the French engineer A. J.

E. J. Dupuit in 1863. The Dupuit equations are de-

rived in box 9.3 (figure 9.20), and are applied to a

simplified steady-state model of an aquifer draining

to streams in box 9.4 (figure 9.21 on p. 413).

Equation (9B4.9) gives significant insight into

the water-balance relations between ground-water

and surface-water flows: It shows that average

ground-water discharge to streams depends only on

the average rate of recharge from infiltration, which

is essentially climatically determined, and the stream

spacing. The hydraulic conductivity determines the

configuration of the water table required to transmit

the recharge to streams [equation (9B4.5)], but not

the flow rate.

Note that qGW in equation (9B4.9) is the ground-

water contribution to streamflow per unit length of

stream from one-half of the drainage basin above the

cross section. Thus for a drainage basin,

GW
GW (9.17)
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where QGW is the ground-water contribution to

streamflow from the drainage basin above the cross

section and L is the length of the main stream above

the cross section (perpendicular to the cross section).

An important implication of equation (9B4.9) is that

one can estimate recharge from infiltration as

Methods for evaluating QGW are discussed in section

9.5.3.

Lakes have the same range of relations to

ground water as shown for streams in figure 9.17.

Like gaining streams, perennial lakes usually occur

in discharge zones, although some are flow-through

systems. Seasonal lakes can be local sources of re-

charge, like losing streams. In gaining and flow-

through situations, the lake surface is at the water-ta-

ble elevation.

Most fresh-water wetlands are on the borders of

streams or lakes, or are former lakes that have been

largely or wholly filled with mineral and organic soil

and vegetation in various proportions. Thus they are

hydrologically similar to lakes, and the discussion

here can also be applied to bogs, swamps, and

marshes. Dooge (1975) and LaBaugh (1986) provide

useful reviews of wetland hydrology and Doss

(1993), Hunt et al. (1996), and Rosenberry and Win-

ter (1997) describe field investigations.

As with regional flow systems, much of our un-

derstanding of ground-water�lake interactions is

based on mathematical simulations of idealized situ-

ations (McBride and Pfannkuch 1975; Winter 1976,

1978, 1983; Cheng and Anderson 1994), supple-

mented increasingly by field studies (e.g., Crowe and

Schwartz 1985; Cherkauer and Zager 1989; Shaw

and Prepas 1990; Winter 1999; Winter et al. 2003).

Figure 9.22 shows examples of some of the complex

ground-water�lake interactions that can exist in a

simple topographic setting as revealed by modeling

studies. In figure 9.22a the subsurface has uniform

R
Q

X L
I

GW . (9.18)
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and isotropic hydraulic conductivity and the water

table slopes toward the three lakes from all sides.

Here the lakes are in the discharge zones of local

flow systems; there is a regional flow system at

depth, and an intermediate system that discharges

into the lowest lake. Figure 9.22b shows a situation

topographically identical to figure 9.22a, but here

discontinuous lenses of high hydraulic conductivity

at depth change the flow net so that the highest lake

contributes recharge through its bottom while receiv-

ing discharge around its perimeter. Flow-through

lakes tend to occur where water tables do not rise un-

der topographic highs (figure 9.22c).

Modeling and field studies have also shown

that, even where the surrounding geologic materials

are homogeneous, ground-water inflow to lakes is

concentrated in the littoral zone whether or not

there are relatively impermeable sediments present

in the deeper part of the lake. However, high-con-

ductivity zones in the lake bed can be loci of local
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concentration of inflows (springs), or zones of out-

flow (recharge), depending on the regional ground-

water configuration (Cherkauer and Nader 1989;

Winter 1999).

In some situations, lakes can be recharge sites

exclusively, at least at certain seasons. Meyboom

(1966) showed that, in southern Saskatchewan, Can-

ada, spring snowmelt runoff accumulates in small

depressions (prairie potholes) that are above the re-

charge zone of a regional flow system. The subse-

quent leaking of these small ponds produces

localized ground-water mounds representing re-

charge to this system. This local ground-water flow

pattern reverses in the summer, when trees growing

around the edges of the potholes extract ground wa-

ter and thereby make the potholes sites of discharge

for temporary local flow systems.

Studies by Winter (1983), Sacks et al. (1992),

and Anderson and Cheng (1993) also showed signifi-

cant seasonal changes in local ground-water flow sys-

tems adjacent to lakes. Winter et al. (2003) reviewed

field studies of ground-water�lake interactions and

noted that surface-water and ground-water water-

sheds of lakes commonly do not coincide. It is often

difficult to determine the extents of subsurface con-

tributing areas because of the lack of detailed subsur-

face information, the coexistence of ground-water

circulations of local to regional scales, and often the

effects of seasonal variability on system boundaries.

They found that lakes and wetlands in small water-

sheds at the lower end of extensive ground-water

flow systems may receive subsurface inflow from

shallow flow systems that extend far beyond their

surface watershed, and may also receive ground-wa-

ter inflow from deeper regional flow systems.

The above review makes it clear that the hydro-

logic setting of lakes and wetlands may be complex

and very difficult to determine without detailed sub-

surface information, perhaps over an extensive area.

This makes it difficult to quantify the most basic hy-

drologic characterization�the water-balance equa-

tion relating inflows, outflows, and storage changes.

Figure 9.23 depicts the relations between fresh

and salt ground water in a simple coastal aquifer.

The Ghyben�Herzberg relation (box 9.5 on pp. 418�

419) indicates that the salt/fresh interface lies at a

depth below sea level equal to 40 times the height of

the water table above sea level, and the water-table

elevation decreases to zero at the coast. Equation

(9B5.6) gives the depth of the interface as a function

of distance from the coast.

In real situations the position of the interface dif-

fers somewhat from the static equilibrium given by

the Ghyben�Herzberg relation because the aquifer

receives recharge from infiltration, and water-bal-

ance considerations dictate that the average net re-

charge rate must be balanced by an equal average

discharge to the ocean. This discharge occurs

through an outflow face that extends seaward from

the coast, the width of which is given by equation

(9B5.9). The average discharge, qGW, per unit length

of coastline is given by

qGW = R · X, (9.19)

where R is the net recharge rate [L T�1] and X is the

distance inland to the ground-water divide. Equation

(9B5.10) gives the depth of the interface when the

outflow face is accounted for.

As the example in box 9.5 shows, the width of

the outflow face is usually small compared to the

scale of the flow system, and the Ghyben�Herzberg

relation gives a useful approximation, except very

near the coast, in many situations.

In this section we apply the basic water-balance

equation (section 1.8.1) to the ground water of a re-

gion. The main purposes of the analysis are to (1) de-

fine the ground-water balance components and (2)

show how the ground-water balance relates to the over-

all regional water balance. Section 9.5 then describes

approaches to quantifying the various components.

The surface extent of the control volume for the

water-balance equation can be defined arbitrarily�it

could be a political division, an aquifer, or a topo-

graphically defined watershed. The lower boundary

of the control volume is usually defined as the �depth

at which ground-water flow is negligible�; if the geol-

ogy is known, this can be more precisely specified.

Choosing a watershed as a control volume has

one important advantage: It is usually possible to

measure at least one of the balance components, sur-

face-water outflow (streamflow), accurately. However,

researchers studying small watersheds need to be 

aware that ground water flow divides do not under-

lie surface divides in many settings. Only if a surface 

watershed of a research site is at the highest ridge 
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away from major hydrologic sinks such as regional 

rivers, can one be sure that ground water is not mov-

ing into the area from distant sources. For most 

other watersheds, ground water can move into 

watersheds either because ground water divides are 

not present beneath the surface divides or because 

ground water moves into the area from deeper flow 

systems. Ground water divides move in response to 

changing recharge conditions, which in turn is 

related to the dynamics of climate and precipitation. 

(Winter et al. 2003, pp. 998�999)

An example of a situation where ground-water and

surface-water divides do not coincide is shown in fig-

ure 9.24 on p. 419.

Thus, although the water-balance equations are

straightforward, recall from section 1.11.2 that mea-

surement errors, which are inevitable, are propa-

gated through calculations and can lead to large

uncertainty in final estimates. For regional water bal-

ances, these errors are likely to result from (1) insuffi-

cient knowledge of the system boundaries and (2)

failure to fully account for regional variability.
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Under natural (i.e., no pumping or artificial wa-

ter imports or exports) conditions,2 the regional wa-

ter balance can be written as

P + Gin = Q + ET + Gout (9.20)

where P is precipitation, Q is stream outflow, ET is

evapotranspiration, Gin is water entering as ground wa-

ter, Gout is water leaving as ground water, and all quan-

tities are long-term average values (i.e., storage changes

are assumed zero) (figure 9.25). Note that the terms in

these water-balance relations can be expressed as vol-

umes [L3] or volumes per unit area [L] during a spe-

cific time period, or as average rates [L3 T�1] or [L T�1].

Under the same conditions, the long-term aver-

age water balance for the aggregated ground-water

reservoir in the basin is

RI + RSW + Gin = CR + QGW + Gout (9.21)

where RI is recharge from infiltration, RSW is re-

charge from surface-water bodies, CR is the move-
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ment of water from ground water into the capillary

fringe (capillary rise),3 and QGW is the ground-water

contribution to streamflow. We can then define net

recharge, R, as

R RI + RSW � CR. (9.22)

Equations (9.20)�(9.22) can be combined to give

P � Q � ET = RI + RSW � CR � QGW = R � QGW

(9.23a)

or

P � QSW � ET = RI + RSW � CR = R, (9.23b)

where QSW is the non-ground-water contribution to

streamflow.

Box 9.6 provides an example of a very simple

“first-cut” approach to estimating the ground-water

balance, in which standard network hydroclimato-

logical data and general knowledge of basin geology

and water-table configurations are used to estimate

various ground-water balance terms. In general, this

approach has severe limitations, usually because of

incomplete knowledge of ground-water divides.

These are probably fairly well known in this case, but

even if we also make the assumptions that long-term

average values of P, Q, and ET are well known, we

can at best use equation (9.20) to estimate (Gout �

Gin), and equations (9.21) and (9.22) to estimate (RI

+ RSW � CR � QGW) = (R � QGW).

Thus even under ideal conditions where stan-

dard network data provides good estimates of P, ET,

and Q, firm knowledge of a basin’s water balance

usually requires independently evaluating at least

some of the terms in equation (9.21). Approaches to

obtaining quantitative estimates of these terms are

described in the following section.
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This section reviews approaches to quantitative

evaluation of the components of the ground-water

balance [equation (9.21), figure 9.25] in a given loca-

tion from field measurements. Most of these ap-

proaches are based on application of basic water-

balance concepts and/or Darcy’s law, in some cases

employing various water-quality constituents as trac-

ers and/or remotely sensed observations. A still use-

ful and historically interesting review of early (1686�

1931) approaches to estimating ground-water com-

ponents was compiled by Meinzer (1932). Smerdon

et al. (2009) described a modern comprehensive ap-

proach that integrates a range of tools, including

ground-water modeling, to assess the ground-water

budget in a mountain watershed.

Infiltrated water can carry contaminants from

agriculture, industries, and waste-disposal sites to the

ground-water reservoir, so quantification of R
I
 has

important implications for the study of water quality

as well as quantity.

As noted, the water-table configurations in the

regional ground-water flows depicted in figures 9.5

to 9.7 and 9.10 to 9.12 were specified as boundary

conditions to illustrate typical flow configurations,

and these conditions determined the locations of re-

charge and discharge zones. Since recharge from in-

filtration is the principal source of water to

unconfined aquifers and is the ultimate source of

most streamflow, it is of interest to explore further

the natural factors that determine the regional distri-

bution of recharge and discharge.

Direct measurement of recharge requires elabo-

rate instrumentation and is feasible only in a re-

search setting. In one of the few such studies, Wu et

al. (1996) installed lysimeters consisting of 60-cm di-

ameter soil-filled cylinders in which the water table

was kept at depths ranging from 1.5 to 5 m. At the

shallowest depth almost every water-input event

caused a separate recharge event that was reflected in

a rise, peak, and decline of the water table; but at 5 m

individual events were not identifiable and there was

a single annual peak. At intermediate depths, indi-

vidual recharge events were associated with input

events separated by a “critical” time interval that in-

creased with depth. The relationship between re-

charge, precipitation (P), and evapotranspiration

(ET) for individual events were

1.5-m depth: R
I
 = 0.87 · (P � 5.25) (9.24a)

4.5-m depth: R
I
 = 0.87 · (P � ET � 27.4)

(9.24b)

where all quantities are in cm.

In nature the depth of the water table at a given

location is determined by feedbacks among precipita-

tion, infiltration, runoff, and evapotranspiration at

that location along with the regional flow, which inte-

grates those quantities throughout the drainage basin

under the influence of topography and geology. On

average, the water table is at an equilibrium depth

such that the net recharge (i.e., percolation minus cap-

illary rise to supply evapotranspiration) from above is

just balanced by the net ground-water flow away from

(recharge areas) or toward (discharge areas) the water

table. When the water table is above this depth, losses

to evapotranspiration exceed recharge and a discharge

zone exists; when below this depth, recharge exceeds

evapotranspiration and a recharge zone exists.

Levine and Salvucci (1999) quantitatively mod-

eled these relations and showed how water-table

depth is related to net recharge for various soil types.

They found that net recharge increases and evapo-

transpiration and surface runoff generally decrease

as water-table depth increases (figure 9.26). Figure

9.27 on p. 424 shows regional ground-water flow

and recharge and discharge zones modeled using

these more realistic relationships in climatic, topo-

graphic, and geologic conditions similar to those as-

sumed in figure 9.7b. Note that local, intermediate,

and regional circulations occur in both, but that dis-

charge zones are more concentrated in figure 9.27.

Salama et al. (1994) showed that aerial photographs

and satellite imagery can be used to map regional re-

charge and discharge areas.

Because of the difficulty in direct measurement

of recharge, hydrologists have attempted to evaluate

R
I
 by applying various combinations of water-balance

concepts, applications of Darcy’s law, soil-physics

principles, mathematical systems models, and water-

quality measurements. The major methodological ap-

proaches are briefly described here, following in part

the review of Van Tonder and Kirchner (1990). Most

of these methods require elaborate and careful data

collection, and Sophocleous and Perry (1984) pro-

vide a useful overview of considerations in selecting

instrumentation for recharge studies.
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9.5.1.1 Soil-Water Balance Method
The water balance for the root zone of a soil for

a time period t can be written as

RI = P � ET � QSW � RSW + CR + S, (9.25)

where QSW represents surface outflow, S is the

change in soil-water storage during t, and the other

symbols are as defined for equation (9.20) and

(9.21). Equation (9.25) is usually applied to a small

plot where P and QSW are directly measured, ET is

determined by measuring meteorological parameters

and applying one of the approaches discussed in

chapter 6, RSW and CR are assumed negligible, and

S is calculated from measurements of water content

at several depths using one of the approaches dis-

cussed in section 7.2.1.2. Rushton and Ward (1979)

found that t should not exceed 1 day to minimize

propagation of measurement errors. Steenhuis et al.

(1985) used equation (9.25), assuming that all terms

except P and ET were negligible, and estimated re-

gional RI on Long Island, New York, as simply

RI = P � ET, (9.26)

where P was measured and ET was calculated from

detailed energy-balance measurements at the site

(section 6.8.3).

As noted, the major concerns in applying vari-

ous forms of the water-balance equation are (1) mak-

ing measurements with sufficient precision such that

errors in the final computations are within accept-

able limits and (2) acquiring sufficient measurements

to characterize the regional situation. Finch (1998)

found that recharge estimates are highly sensitive to

soil characteristics, and Rushton and Ward (1979)

concluded that uncertainties of ±15% should be ex-

pected with this approach.

In spite of these caveats, the basic method�with

varying approaches to modeling ET and soil-water

storage�has been successful in estimating RI in a

small coastal-plain drainage basin in Maryland (Ras-

mussen and Andreasen 1959), chalk and sandstone

aquifers of England (Wellings 1984; Ragab et al.

1997) and France (Thiery 1988), glacial deposits on

Long Island, New York (Steenhuis et al. 1985; Steen-

huis and Van Der Molen 1986), and Sweden (Jo-

hansson 1987), and in a large drainage basin in

Australia (Chiew and McMahon 1990).

9.5.1.2 Analysis of Well Hydrographs
Well hydrographs are observations of water levels

in monitoring wells plotted against time. To evaluate

recharge, the hydrographs are combined with hyeto-

graphs showing the timing and amount of water input
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(figure 9.28). Recharge is reflected in the rise of the hy-

drograph following a water-input event, after which

drainage to surface-water bodies is reflected in a grad-

ual decline. There are several approaches to estimating

recharge from well hydrographs; most of these assume

that unconfined aquifers can be modeled as linear res-

ervoirs (box 9.7; figure 9.29, both on p. 426), which is

often approximately true (Brutsaert and Lopez 1998).
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If recharge from streams and capillary rise are

negligible, the ground-water balance equation, ac-

counting for storage changes, is   

RI = QGW + S, (9.27)

where S now denotes the change in storage in the

aquifer. If the aquifer behaves as a linear reservoir, the

analysis in box 9.7 shows that equation (9.27) becomes

where RI has units of [L T�1], h is the water level in

the aquifer, and hb is the level at which QGW becomes

negligible. As shown in figure 9.28, the parameter k

is evaluated as the slope of the straight line that best

defines the hydrograph recessions when plotted on a

semilogarithmic graph, and hb can be evaluated as

the level to which the recessions become asymptotic

during extended periods of no recharge. The seasonal

variation of RI can then be estimated by observing

water-table elevations in monitoring wells and using

equation (9.28). Figure 9.30 is an example of this ap-

proach as applied to a glacial aquifer in Sweden.

R k S h h S
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d
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Another approach to well-hydrograph analysis

applies the linear-reservoir model in a somewhat dif-

ferent way. Again, assuming an exponential reces-

sion and referring to figure 9.28, recharge for event i,

RI,i [L], becomes

RI,i = {hp,i � hp,i�1 · exp[�k · (tp,i � tp,i�1)]} · Sy,

(9.29)

where hp,i and hp,i�1 are the peak water levels associ-

ated with events i and i � 1, respectively; tp,i and tp,i�1

are the times of occurrence of the successive peak

water levels; and Sy is the specific yield. Rasmussen

and Andreasen (1959) obtained reasonable results

with this method in Maryland, with a constant Sy de-

termined via successive approximations as the value

most consistent with weekly water-balance data.

A third approach to estimating recharge from

well hydrographs applies a simplified water-balance

equation to the entire aquifer of area A:

RI = Sy · h+ · A � (Gin � Gout), (9.30)

where h+ is the spatial average increase in aquifer

water level in response to a water-input event and Gin

and Gout are the ground-water inflows and outflows,

respectively, to the aquifer. Van Tonder and Kirchner

(1990) suggested estimating the G terms by approxi-

mating Darcy�s law as

where G is the appropriate flow rate, T is the trans-

missivity [equation (9.11)] for the inflow or outflow

boundary, L is the width of the boundary, and i1 and

i2 are the hydraulic gradients at the boundary at the

beginning and end of the observation period, respec-

tively. Van Tonder and Kirchner (1990) found that

this method was the only one to give reliable esti-

mates of recharge in clastic sedimentary rock aqui-

fers in South Africa. Das Gupta and Paudyal (1988)

showed how an approximate analytical solution of

the one-dimensional ground-water flow equation

could be used to account for the G terms when equa-

tion (9.31) is applied to an aquifer.

Although the studies cited above have claimed

success in estimating recharge from well-hydrograph

analysis, the approach is subject to two sources of

potentially large uncertainty:

1. Difficulty of determining the appropriate areal

value of specific yield: A characteristic value of

Sy for the aquifer material is often assumed, but

this can range widely (table 9.1). Furthermore, the

specific yield cannot in general be assumed con-

stant in the near-surface zones of aquifers. This is

especially true if the water table is within a few

meters of the surface, where water contents are a

function of depth due to the complex interplay of

infiltration, percolation, and capillary rise. In gen-

eral, the equilibrium water-content profile varies

with the water-table elevation (figure 8.8), so a
1 2

2
, (9.31)



428 Part III: Water Movement on the Land

given water-table rise represents different amounts

of recharge depending on the elevation range cov-

ered. Another cause of inconstancy in Sy is related

to the wetting/drying hysteresis in soils (figure

7.17): In a wetting soil, air bubbles are typically

trapped in the pores, so that Sy for a rising water

table is generally less than Sy for a falling water

table. Sophocleous and Perry (1985) showed that

recharge estimates based on the assumption of a

constant Sy can be seriously in error.

2. Uncertainty that an increase in water level actu-

ally represents an increment of recharge: In-

creases in water-table elevation unrelated to

recharge may occur due to: (a) fluctuations in at-

mospheric pressure due to the expansion and con-

traction of air trapped beneath the water table; (b)

thermal effects, including freezing and thawing;

and (c) pressurization of the capillary fringe. This

latter phenomenon is especially likely to occur

where the capillary fringe extends up to the soil

surface; infiltrating water can then cause an al-

most instantaneous rise of the water table to the

surface with virtually no change in ground-water

storage (Novakowski and Gillham 1988; this is

discussed further in section 10.4.3.2).

9.5.1.3 Direct Application of Darcy�s Law
This approach requires (1) careful determination

of the Kh( )�  and ( )�  relations for the soil of in-

terest (table 7.4), and (2) periodic measurement of

the vertical water-content gradient in the unsaturated

zone of that soil. Recharge is then computed as the

flux across the base of the root zone, qz , as given by

Darcy�s law for vertical unsaturated flow:

Sophocleous and Perry (1985) and Stephens and

Knowlton (1986) obtained reasonable recharge esti-

mates using this approach in humid and semiarid en-

vironments, respectively. Steenhuis et al. (1985) also

successfully applied this method in a humid region,

using biweekly observations of soil-water content at

depths of 90 and 120 cm in a sandy loam soil. They

found that the hydraulic gradient across the soil layer

varied linearly with time following a rainstorm, and

the hydraulic conductivity varied linearly with the

square root of time. Thus the average rate of recharge

between two observation times t1 and t2 was calcu-

lated from a modified version of Darcy�s law for un-

saturated flow:

where h is the hydraulic head [= ( ) + z)] and the

subscripts indicate the time of measurement.

A variation on this method involves ignoring the

capillary-force gradient in the one-dimensional form

of Darcy�s law and estimating recharge as a function

of water content:

RI = Kh( ). (9.34)

Stephens and Knowlton (1986) found good agree-

ment between results obtained with equation (9.34)

and those using the more complete version of

Darcy�s law.

Principal limitations of this approach are the

spatial variability of soils in a typical drainage basin,

the difficulty in establishing precise Kh( )�  relations

for a given soil, and the possibility that recharge can

occur via macropores or fissures in which flow is not

well modeled by Darcy�s law (Van Tonder and

Kirchner 1990).

9.5.1.4 Inverse Application of Ground-Water
Flow Equation

The general equation for steady-state ground-

water flow [equation (7.18)] can be incorporated

into a model that accounts for an assumed regional

distribution of recharge. The inverse application of

such a model involves finding the values of recharge

by calibration: The values of recharge in the model

are changed until the computed head distribution

corresponds to the values observed in piezometers in

the region.

A number of studies have shown that useful esti-

mates of recharge can be obtained via the inverse

method, including those of Smith and Wikrama-

ratna (1981), Wikramaratna and Reeve (1984),

Chiew et al. (1992), Boonstra and Bhutta (1996), and

Levine and Salvucci (1999).

However, the inherent problem of the inverse ap-

proach is the nonuniqueness of solutions: There may

be many distributions of recharge that give head dis-

tributions that match the field observations within

the uncertainty of those observations. The problem is

exacerbated by the difficulties in obtaining a precise

picture of the distribution of hydraulic conductivities.
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9.5.1.5 Impulse-Response Analysis
The objective of impulse-response analysis is to de-

termine recharge from the relation between water in-

puts (the impulse) and water-table rises (the response)

using the principles of the mathematical analysis of

time series. Given a series of daily observations of water

level in an observation well and water input, the level

on a given day, hi, is assumed to depend on the previous

day�s level and the previous days� water inputs as

hi = a0 + a1 · hi�1 + b0 · Wi + b1 · Wi�1 + ... + bn · Wi�n,

(9.35)

where as and bs are constants, the Ws are water in-

puts (rain plus snowmelt), the subscripts are day

counters, and n is the maximum number of days re-

quired for water to percolate to the water table.

The values of the constants in equation (9.35)

are found by mathematical techniques that minimize

the differences between estimated and observed hi

values over some period of observation of the partic-

ular wells of interest. Viswanathan (1984) showed

that the average fraction of water input that becomes

recharge is given by

so that the method can be used to estimate long-term

average recharge from long-term average water input

(= average precipitation). Note, though, that this re-

lation is also based on the uncertain assumption of a

constant specific yield.

9.5.1.6 Methods Based on Water Quality
Under some circumstances, recharge rates can

be estimated from the concentrations of certain

chemicals and stable and radioactive isotopes that

function as natural tracers of water movement.

9.5.1.6.1 Chemical Tracers
A chemical tracer suitable for estimating re-

charge must be: (1) present in measurable amounts

in precipitation or, if deposited in solid form from

the atmosphere, highly soluble; (2) not taken up or

released in the vadose zone; and (3) not taken up or

released by vegetation. For a column of the vadose

zone in which no horizontal flow occurs above a wa-

ter table, the balance for such a tracer is

Cw · W = CGW · RI, (9.37)

where W is water input, Cw is the concentration of

the tracer in the water input as it infiltrates, CGW is

the concentration in ground water at the water table,

and all terms represent long-term averages. Recharge

can thus be directly calculated if all other terms are

determined from observations.

One candidate tracer is the chloride ion (Cl�1),

which is commonly present in precipitation, is not

used by plants, and is not commonly involved in soil-

chemical reactions. Recharge has been estimated

from Cl�1 concentrations in Colorado (Claassen et

al. 1986), Australia (Thorburn et al. 1991; Walker et

al. 1991), and Niger (Bromley et al. 1997). Detailed

aspects of using Cl�1 to estimate recharge were dis-

cussed by Allison et al. (1984) and Taniguchi and

Sharma (1990).

Chlorofluorocarbons (CFCs) are chemically sta-

ble man-made compounds that have been accumulat-

ing in the atmosphere since their introduction as

propellants and refrigerants in the 1930s. Detectable

concentrations of CFCs are present in ground water

that fell as precipitation since 1945, and their concen-

tration can be used to compute recharge rates. Busen-

berg and Plummer (1992) and Dunkle et al. (1993)

discuss the methodology in detail. However, due to

the effects of CFCs on stratospheric ozone, their

manufacture ceased by international agreement in

the 1990s, so their future use as tracers is infeasible.

9.5.1.6.2 Stable Isotopes
A small fraction of water molecules contain the

heavy oxygen isotope 18O, or the heavy hydrogen iso-

tope 2H (deuterium) (see appendix B). The concen-

trations of these isotopes in precipitation tend to vary

seasonally at a given location, but they are not af-

fected by soil-chemical reactions or by plant uptake.

Thus comparisons of concentrations in ground water

with those in precipitation at various times of the

year can provide qualitative information on the sea-

sonality of recharge.

It is usually difficult to use stable isotopes for

quantitative estimates of RI without additional infor-

mation or assumptions about the percolation mecha-

nism, i.e., whether a piston-like wetting front occurs,

whether macropores are important, or whether isoto-

pic equilibration takes place between percolating and

immobile water. Darling and Bath (1988) cited several

studies in which 18O and 2H were used to obtain in-

formation about the seasonality and rate of recharge.

9.5.1.6.3 Radioactive Isotopes
Atmospheric testing of nuclear weapons in the

1950s and 1960s increased concentrations of tritium

(3H) in precipitation by orders of magnitude above
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its natural levels. In subsequent decades, 3H proved

very useful for recharge studies, as it is part of the

water molecule and its concentration is not affected

by chemical reactions (e.g., Larson et al. 1987 and

studies cited therein). However, atmospheric nuclear

testing has been banned since the 1960s, and 3H con-

centrations have decreased to the point where it is no

longer usable as a tracer.

Although there are few published studies in

which RSW has been estimated, we can outline the

principal approaches that can be applied to evalua-

tion of this quantity.

9.5.2.1 Ground-Water Balance Computation
In arid regions, average evapotranspiration is

nearly equal to average precipitation, so most infil-

trating water evaporates and most recharge is from

losing streams (figure 9.17b and c) rather than infil-

tration. For example, Osterkamp et al. (1994) ap-

plied water-balance computations along with

streamflow measurements (see below) and ground-

water modeling techniques to a 20,000-km2 river ba-

sin in Nevada and California to estimate that only

1.6% of basin precipitation became recharge and that

90% of recharge was from streams.

9.5.2.2 Direct Measurement of Ground-Water 
Potential or Flux

The gradient of ground-water flow out of (or

into) a stream can be measured by comparing (1) the

water level of the stream with the head measured in a

piezometer inserted into the subjacent bed or (2) the

levels in two piezometers inserted to different dis-

tances below the bed (figure 9.31). If the gradient is

directed downward, the ground-water flux out of the

stream can be calculated directly via Darcy�s law us-

ing measured or estimated hydraulic conductivities.

However, there is likely to be considerable spatial

and temporal variability in local values (and even di-

rection) of gradients as well as conductivities, so

such measured values must be extrapolated with cau-

tion. Winter et al. (1988) give details on the construc-

tion of piezometers used for this purpose.

Workman and Serrano (1999) combined mea-

surements of near-stream water levels with a simple

ground-water flow model to estimate that 65% of the

recharge to alluvial aquifers in Ohio came from over-

bank flow due to floods, and hence was highly spo-

radic.

9.5.2.3 Direct Measurement of Streamflow Increments
The difference between stream discharge at the

upstream and downstream limits of a stream reach
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that receives no overland or tributary flow can be at-

tributed to ground-water inflow or outflow. Techniques

for measuring streamflow are discussed in appendix E;

typically �velocity-area� methods, in which flow depth

and average flow velocity are measured at a number of

points across the stream width, are most applicable

since they do not require fixed installations.

The accuracy of an estimate of RSW or QGW us-

ing this approach depends on the precision of the

streamflow measurements (see appendix E) and is

increased by maximizing the difference between the

upstream and downstream discharges (i.e., by mak-

ing the measurement reach as long as possible while

not including inflow from tributaries). Here again

one must be aware that rates and directions of

ground-water�surface-water exchange may be highly

variable in space and time.

9.5.2.4 Water-Temperature Measurements
Stream temperatures are temporally highly vari-

able due to daily and seasonal cycles. Where streams

are losing water to subjacent ground water, this vari-

ability becomes progressively damped with distance

below the stream bed. The outflow flux can be evalu-

ated by measuring temperature fluctuations a short

distance below the channel bottom, measuring the

thermal properties of the bed sediment, and applying

basic heat-flow relations (Silliman et al. 1995). Ana-

lytical methods that are commonly used in this ap-

proach are limited by uncertainties in the effective

thermal properties of the sediments at the ground-

water�surface-water interface.

McCallum et al. (2012) developed a new analytical

method that utilizes both the amplitude ratio and

phase shift of pairs of temperature measurements at the

interface to estimate the magnitude and direction of the

Darcy velocity. They applied the method to a stream

reach in Australia, and were able to accurately measure

ground-water�surface-water exchanges in both direc-

tions (bank storage).

9.5.3.1 Application of Dupuit Approximation
As described in boxes 9.3 and 9.4, steady flow in

horizontal unconfined aquifers draining to streams

can often be usefully described by the Dupuit ap-

proximation. If significant water is not being

pumped from such aquifers (section 9.6.2.2), and if

capillary rise is negligible, these equations state that

QGW = RI on a long-term average, per unit area basis

[equation (9.18)]. Thus under these conditions, the

techniques described above for estimating RI also

provide information about QGW . Note, however, that

the Dupuit formulation assumes fully penetrating

streams, which seldom occur in nature, and that ap-

plication of equation (9.18) assumes that the re-

charge area coincides with the surface watershed.

9.5.3.2 Flow Nets
Principles of graphical flow-net construction are

developed in most ground-water texts (e.g., Freeze

and Cherry 1979; Fetter 2001) and are discussed in

detail by Cedergren (1989). If enough information

on the spatial distribution of hydraulic conductivities

and average water-table elevations is available, one

can develop a numerical or graphical solution to

equation (9.15) and sketch one or more flow nets

that represent the major ground-water flow features

of the basin along various stream reaches. Referring

to figure 9.32, the discharge per unit length of stream

qGW into a stream for each streamtube can then be

calculated as

qGW = Kh · h, (9.38)

where Kh is the appropriate conductivity and h is

the head difference between the stream and the next

up-gradient equipotential line; the total discharge per

unit stream length for a reach, qGW, is given by

qGW = n · qGW, (9.39)

where n is the number of streamtubes discharging to

the stream. The total flow into the stream for the

reach, QGW, is then found as

QGW = L · qGW, (9.40)

where L is the length of the reach.

Flow nets constructed in the horizontal plane

can also be used to estimate ground-water inflow to

streams. In practice, however, it is usually difficult to

obtain enough information about subsurface geology

and conductivities to warrant computations based on

a flow net, and there are only a few published studies

that have used this approach (Freeze 1968; Freeze

and Witherspoon 1968; Ophori and Tóth 1990).

9.5.3.3 Direct Measurement of Ground-Water 
Potential or Flux

As for RSW, QGW can be evaluated by measuring

the heads in adjacent piezometers in the stream bed

or banks or comparing the stream water level with

the sub-bed hydraulic head (Winter et al. 1988) and
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using those values along with information about

conductivities to calculate the ground-water flux into

the stream via Darcy�s law.

Direct local measurement of QGW can be made

using seepage meters, which are devices that capture

water flowing upward into a portion of a water body

over some time period (figure 9.31). The flux into the

container is simply the volume collected divided by

the time period. Lee (1977) described the construc-

tion and use of seepage meters.

As noted earlier, the main concern in using pi-

ezometer or seepage meter measurements is whether

the sampling is spatially and temporally representa-

tive. Piezometer observations in stream beds in rela-

tively homogeneous glacial deposits on Long Island,

New York, were consistent with mathematical simu-

lations (Prince et al. 1989). However, Lee and Hynes

(1978) found very large spatial variability of ground-

water input to a small stream in Ontario, Canada,

and concluded that determination of average rates of

ground-water input to streams from point measure-

ments of seepage flux was not generally possible.

9.5.3.4 Direct Measurement of Streamflow Increments
As described for evaluating RSW, the difference

between streamflow measured via velocity-area

stream gauging (appendix E) at the upstream and

downstream ends of a stream reach in which no trib-

utaries enter provides a direct measurement of QGW.

For gaining streams, the longer the distance between

measurement cross sections, the lower the absolute

error in the difference in the measured flow rates.

However, the applicability of this approach is limited

because of the frequent occurrence of tributaries,

which must also be gauged. Cey et al. (1998) found
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that this approach gave the most reliable results in

their study of a small Canadian stream.

9.5.3.5 Methods Based on Water Quality
If streamflow, Q, at any instant is assumed to be

a mixture of water from two sources, e.g., (1) surface

water, QSW, and (2) ground water, QGW, each of

which has a characteristic concentration of some

chemical or isotope, CSW and CGW, then

Q = QSW + QGW (9.41)

and

C · Q = CSW · QSW + CGW · QGW, (9.42)

where C is the concentration in the streamflow. If Q

and C are measured and CSW and CGW determined

from sampling the respective sources in the water-

shed, QGW can be found by combining equations

(9.41) and (9.42):

Use of equation (9.43) assumes that there are

only two sources of streamflow, that each source has

a constant concentration of tracer, and that these

concentrations are significantly different. To relax

some of these constraints, Pilgrim et al. (1979)

showed how the relation could be modified when the

concentration of one of the components is a function

of time since the beginning of the event, and Swis-

tock et al. (1989) derived a version of equation (9.43)

for use when there are three runoff components.

Equation (9.43) has been used with apparent

success in several studies, using as tracers various an-

ions and cations (e.g., Newbury et al. 1969; Pinder

and Jones 1969), stable isotopes 18O and 2H (e.g., Sk-

lash and Farvolden 1979; Space et al. 1991), and the

radioactive gas radon (222Rn) (e.g., Ellins et al. 1990).

Figure 9.33 shows the estimated ground-water con-

tribution to streamflow in a case where the sulfate

ion (SO4
–2) was used as the tracer in equation (9.43).

This approach is discussed further in section 10.3.

9.5.3.6 Base-Flow Analysis

9.5.3.6.1 Definitions
In figure 9.34 on p. 435, streamflow hydro-

graphs show the typical response of a stream to an

isolated water-input event: There is a relatively rapid

flow increase (the hydrograph rise) to a peak, which

usually occurs at or soon after the input ceases, fol-

lowed by a more gradual decline (the hydrograph re-

cession). If the recession continues long enough

before the next event, at some point recession flow

equals base flow. As discussed in section 9.3.1.1,

Base flow is usually assumed to be from aquifers

that drain to the stream network within the stream�s

watershed, i.e., QGW (e.g., Wolock 2003), and the at-

tempt to identify ground-water contributions to

streamflow by analysis of stream hydrographs, usu-

ally called base-flow analysis, base-flow separa-

tion, or recession analysis, has a long history (Hall

1968; Tallaksen 1995) and remains a common prac-

tice (Chapman 1999; Santhi et al. 2008). However, it

is important to recognize that

• The concept of base flow has no scientific basis; and

• The actual source of base flow is seldom known,

and may include the drainage of surface water

(lakes, reservoirs, wetlands), the slow drainage of

soils (e.g., Hewlett and Hibbert 1963; Dingman

1970), late-melting snow, regional ground-water

flow that originated outside the watershed, or an-

thropogenic stream inputs.

Here we introduce some theoretical links be-

tween recession flow and ground-water inflows to

streams, and some more arbitrary methods that have

been used to separate base flow from event flow.

9.5.3.6.2 Recession Flow and Aquifer Drainage
If flow (QR) during the recession represents

drainage from watershed storage—some of which is

water that entered in the current event and some in

past events—and declines as storage decreases, we

can infer that

QR = �(S), (9.44)

where S is the volume of water in storage and � is a

positive function (i.e., flow decreases as storage de-

creases). The form of this function is assumed to be

determined largely by watershed characteristics (e.g.,

size, geology, slope, etc.) [see equation (1.23)], but

can only be inferred empirically. The function is of-

ten assumed to be a power law:

QR = k · Sb; (9.45)

Q Q
C C

C C
GW
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GW SW

. (9.43)
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if b = 1, this leads to

QR = QR0 · exp[�k · (t � t0)] (9.46)

(the linear reservoir of box 9.7); if b > 1,

QR = QR0 · [1 + d · (t � t0)]
b/(1�b), (9.47)

where k, b, and d are constants, t is time, and QR0 is the

flow rate at the selected initial time t0. Values of the

constants are found empirically by choosing t0 (the

time of peak flow or later) and finding values of b and

d that give a line that best fits the subsequent recession.

In fact, because total watershed storage S cannot

actually be determined, flow-storage relations are

best inferred from relations between concurrent val-

ues of the rate of change of flow and flow during re-

cessions, which can also commonly be approximated

as power-law relations:

where a and b are characteristic of a given watershed

that can be estimated by plotting dQR/dt versus QR

on logarithmic graph paper and determining a and b

from the slope and intercept of the line that best fits

the plot (Brutsaert and Nieber 1977). [This approach

was used in the analysis of section 1.12; see equation

(1.48).] Note that although equations (9.46)�(9.48)

may give the form of the recession hydrograph, they

provide no information about the actual source of

the water.

d

d

Q

t
a QR
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b , (9.48)
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As shown by Brutsaert (1992, 1994), drainage

from a horizontal aquifer under the Dupuit assump-

tions (box 9.3) can be approximated as an exponen-

tial decay with the parameters related to aquifer

properties as

where qGW is ground-water flow per unit stream

length and the other symbols are as in boxes 9.3 and

9.4. If recession flow is drainage from quasi-horizon-

tal watershed aquifers, this provides a theoretical ba-

sis for the exponential-decay recession [equation

(9.46)] and a possible basis for estimating recession

flow on the basis of aquifer properties (or vice versa,

if some of the properties are known). These possibili-

ties are explored further by Harman et al. (2009).

9.5.3.6.3 Arbitrary Base-Flow Separation Methods
In practice, base-flow separation is assumed to

represent QGW, and base-flow separation is usually

GW
h h

y

0
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done by plotting the measured stream hydrograph

and constructing by arbitrary methods a line coinci-

dent with or below the hydrograph that is designated

the base flow. Construction of the line requires an-

swers to the following questions: (1) How does base

flow behave while the stream is responding to water

input? and (2) At what point does base flow become

equal to total flow?

The theoretical analyses just described may pro-

vide plausible guidance in answering these questions.

However, because no information as to the true

sources of stream flow is usually available, many

purely arbitrary approaches to separation have been

proposed. In fact, base-flow separation has been called

�one of the most desperate analysis techniques in use

in hydrology� (Hewlett and Hibbert, 1967, p. 276).

Three arbitrary separation methods that have

been used on relatively small watersheds are de-

scribed in figure 9.34; others are described by Na-

than and McMahon (1990), Tallaksen (1995),

Arnold and Allen (1999), and Chapman (1999). One

of the most widely used methods for larger water-

sheds was developed by the Institute of Hydrology

(UK) (now the Centre for Ecology and Hydrology);

this is described in box 9.8 and illustrated in figure

9.35. This method is usually used to calculate the

base-flow index (BFI), defined as

where QBi are daily base-flow values determined by

the method, and Qi are average daily streamflows.

Similar computations of the relative magnitude of

base flow can be based on other separation methods.

In a region of generally similar geology, larger

watersheds tend to have more storage and a higher

proportion of base flow. A watershed containing

very permeable soils or low slopes typically has a

high proportion of base flow (e.g., BFI > 0.95), while

one with high slopes underlain by impermeable ma-

terial has a low proportion (BFI < 0.2). If relations

between BFI and watershed properties can be estab-

lished, they may provide a basis for inferring stream

behavior in watersheds where flow measurements

have not been made. Kling and Nachtnebel (2009)

presented a simple method for the regional estima-

tion of runoff-separation parameters for the monthly

water-balance model using the BFI and catchment

characteristics, and Santhi et al. (2008) mapped BFI

values for the United States and related them to hy-

drologic landscape regions and watershed properties

such as relief and percentage of sand.

Note that the total volume of base flow varies

greatly depending on the separation method used.

This illustrates the crucial point: If a consistent

method is applied, base-flow separation can be a use-

ful tool for comparing the relative contributions of

ground water to streamflow in different watersheds.

However,

The topic of base-flow separation is also important

for the study of event flow, and is examined further

in section 10.2.2.

Capillary rise is induced by extraction of water

from the unsaturated zone and capillary fringe by

evapotranspiration, and by migration of water to a

freezing front. Capillary rise is usually considered to

be a minor to negligible component of the water bud-

get in humid regions, but may be a significant propor-

tion of evapotranspiration in semiarid and arid areas.

Net capillary rise may be difficult to estimate as a

separate component, and it is often tacitly included

as part of basin evapotranspiration, as done here.

One approach to estimating capillary rise is to

identify those portions of the drainage basin where

the water table is close enough to the surface that

plants can obtain water from the capillary fringe or

the saturated zone below. The presence of wetland

vegetation and plants that are known phreatophytes

can be used in this identification. One can then as-

sume that evapotranspiration from these areas will

always be at the potential rate, and use one of the

methods described in chapter 6 to estimate PET.

Nichols (1993, 1994) applied such methods in esti-

mating CR in the western United States.

In areas where plants are extracting water from

the capillary fringe, the water table may show a diur-

nal fluctuation (figure 9.36 on p. 438). Johansson

(1986) showed that transpiration could produce such
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fluctuations even with water tables at depths of 2 m

or more. White (1932) suggested that evapotranspi-

ration could be estimated from such diurnal water-

table fluctuations as

where ET is the daily evapotranspiration [L], ( h/

t)r is the rate of rise of the water table during the pe-

riod midnight to 4:00 AM, and h24 is the net fall in

water level over the 24-hr period. This method was

successfully used by Meyboom (as cited in Freeze

and Cherry 1979), who suggested that the appropri-

ate value of Sy used in equation (9.51) is one-half the

conventional value.

Daniel (1976) developed a method for estimat-

ing evaporative extractions of ground water based on

theoretical aquifer-drainage relations, and applied it

successfully in Alabama.

In the context of the water-balance relations de-

veloped earlier [equations (9.21)�(9.23)], deep seep-

age refers to the ground-water inflow and outflow

terms Gin and Gout, respectively. The magnitudes of

these terms are very difficult to determine, and they

are often assumed to be negligible or to cancel (i.e.,

Gout = Gin). However, the earlier discussion of re-

gional ground-water flow suggests that it is often un-

wise to cavalierly adopt such assumptions.

9.5.5.1 Piezometer Measurements and Flow Nets
Installation of piezometers and observation

wells at strategic locations gives the most definitive

information about the magnitude of deep seepage.

This information is most effectively used in combi-

nation with flow-net construction, as by Freeze and

Witherspoon (1968). Winter et al. (1989) and Winter

et al. (2003) combined piezometer observations with

hydroclimatologic observations to develop informa-

tion on the magnitude of deep seepage in smaller wa-

tersheds in many regions (see section 9.3.2), and

found that it is often significant.

9.5.5.2 Water-Balance Analyses

9.5.5.2.1 Watershed Segments
Figure 9.37 shows a hypothetical drainage basin

in which the main stream is gauged at N successive

downstream locations. Starting at each of these loca-

tions, topographic divides can be delineated that de-

fine N subbasin segments, numbered i = 1, 2, ..., N

from upstream to downstream. If we assume that

there is no flow across the main basin divides, and

ET
h

t
h S

r
y24 24 , (9.51)
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that ground water as well as surface water moves

only in the down-basin direction, the long-term aver-

age water balance for the ith segment is

Qi = (Pi � ETi) · Ai + Gi�1 � Gi + Qi�1, (9.52)

where Q is stream outflow [L3 T�1], P and ET are ar-

eal average precipitation and evapotranspiration

rates, respectively [L T�1], A is the area of the segment

[L2], and G is ground-water outflow rate [L3 T�1].

If we assume that all the quantities in equation

(9.52) can be determined with reasonable precision

except the G terms, there are N equations of the form

of (9.52) with N + 1 unknowns (including G0). How-

ever, if G0 as well as Q0 = 0 as assumed, there are ac-

tually only N unknowns, and the ground-water

outflow for the ith segment can be found as

Gi = (Pi � ETi) · Ai + Gi�1 + Qi�1 � Qi. (9.53)

Box 9.9 gives an example application of equation

(9.53). However, as with all water-balance ap-

proaches, the uncertainty in all the �known� terms is

hidden in the terms found by subtraction.

9.5.5.2.2 Water Balance as a Function of Basin Elevation
As discussed in section 4.1.5, average precipita-

tion (P) is a strong function of elevation in many re-

gions. Since average evapotranspiration (ET) is

strongly related to average air temperature, which de-

creases with elevation, ET usually decreases with el-

evation. Dingman (1981) developed relations for

estimating P and ET as functions of elevation in

northern New England and then compared values of

P � Q with ET, where Q is measured average stream-

flow for small watersheds that each span a limited

range of elevation. The results are shown in figure

9.38 on p. 441: The presence of ground-water out-

flow is indicated for watersheds in which (P � Q) >

ET. The data suggest that many higher-elevation wa-

tersheds in northern New England have deep-seep-

age outflows on the order of 100 mm/yr.

9.5.5.2.3 Regional Water Balance
Schaller and Fan (2009) presented a quantitative

survey of ground-water inflows and outflows based

on a simple water-balance analysis for some 1,555

watersheds over the contiguous United States. Wa-

tershed surplus (recharge, R) was calculated at a res-

olution of ~10 km as

R = P � ET, (9.54)

where P was determined from gridded observations,

and ET from a 50-year simulation using a hydrologic

model. The recharge was partitioned into stream-

flow, Q, and ground-water outflow, Gout:

R = Q + Gout, (9.55a)

i.e., Gout was calculated as

Gout = R � Q = P � ET � Q, (9.55b)

where Q was measured at gauging stations selected to

minimize the effects of reservoir operations, ground-

water extraction, and other artificial influences. The

ratio Q/R (the fraction of recharge that leaves the wa-

tershed as streamflow) was used to characterize this

partition: If Q/R > 1, the observed river flow includes

ground-water inflow from other watersheds, and the

basin is a ground-water importer; if Q/R < 1, the wa-

tershed is a ground-water exporter.
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The results are shown in figure 9.39 on p. 442.

Values of Q/R ranged from < 0.1 (> 90% of recharge

exits as ground-water outflow, Gout) to > 2 (> 50% of

the streamflow is imported ground water, Gin). Half

(49.6%) of the watersheds examined are ground-water

exporters and half are importers. As would be ex-

pected, Q/R values greater or less than 1 were more

frequent in arid regions (P < 500 mm/yr; figure

9.39b); they are more common in watersheds with re-

charge-controlled water tables as indicated by the wa-

ter-table ratio (WTR) described in section 9.2.5.2.

There is a tendency of the Q/R ratio to be closer to 1

with increasing watershed area (figure 9.39c), consis-

tent with regional ground-water flow dynamics.

There is no clear relation between Q/R and elevation

(figure 9.38d). However, the watersheds studied were
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not characterized geologically or examined regionally,

and doing so might have brought out that relation.

Although unaccounted for, artificial water trans-

fers and uncertainty in the estimates of precipitation

and evapotranspiration could have affected Schaller

and Fan�s (2009) Q/R values. However, their results

suggest that ground-water outflow or inflow can be a

significant portion of a watershed�s water budget and

emphasize the need for careful assessment of water-

shed water-budget components.

Ground water is of course a major source of wa-

ter for domestic, industrial, and agricultural uses. In

many regions, the extraction of ground water has

major impacts on local and regional hydrology, af-

fecting streamflow, lake and wetland levels, coastal

ecology, water quality, and land subsidence (box

9.2). The goal of this section is to provide a basic un-

derstanding of these impacts.

We focus on unconfined aquifers, because they

have the most direct connections with other portions

of the land phase of the hydrologic cycle and their

exploitation as water sources has the most direct im-

pacts on regional hydrology. However, we will use

the mathematically simpler but essentially similar

behavior of confined aquifers to illustrate the most

basic features of the effects of the extraction of

ground water on drainage-basin hydrology. This is

justified because the behavior of unconfined aquifers

is nearly identical to that of confined aquifers as long

as the changes in water-table elevation are small rela-

tive to the saturated thickness.

To further simplify the discussion we consider

only homogeneous, isotropic aquifers, simple aquifer

configurations, and fully-penetrating wells. General

ground-water texts such as Bear (1979), Freeze and

Cherry (1979), and Fetter (2001) explore more exact

models of ground-water development in unconfined

flows and in more complex boundary conditions.

9.6.1.1 Radial Flow to a Well

Consider the highly idealized case of a well com-

pletely penetrating a homogeneous unconfined aquifer

of infinite extent resting on a horizontal impermeable

base (figure 9.40 on p. 443). The water table is initially

horizontal everywhere at a height h0 above the base

and there is no recharge or capillary rise.
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When the well is pumped at a constant rate Qw,

water is withdrawn from aquifer storage, the water

table declines toward the well, and flow is induced

toward the well from all directions. Thus the flow has

radial symmetry, and if we approximate the uncon-

fined case by equivalent confined conditions (i.e., as-

sume negligible water-table decline and horizontal

streamlines and ignore a transient initial period prior

to the establishment of gravity drainage), it can be de-

scribed by transforming the two-dimensional form of

the general ground-water equation [equation (9B1.8)]

to polar coordinates (Freeze and Cherry 1979):

where r is the radial distance measured outward

from the well.

Theis (1935) showed that an analytical solution

for equation (9.56) is
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where and u(r,t) is a measure of the aquifer response time

similar to equation (9.12):
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The function W[u(r,t)] is known as the well

function; its values are tabulated in table 9.3. The

quantity [h0 – h(r,t)] is the drawdown, and when its

values are plotted as a function of distance at any

time they define a drawdown curve or, in three di-

mensions, a cone of depression that is asymptotic to

h0. Box 9.10 shows how this relation is applied.

The area over which the pumping causes draw-

down is called the area of influence. For the ideal-

ized situation of figure 9.40, the lines of equal

drawdown and the extent of the cone of depression

are circular in plan view and the area of influence co-

incides with the projected area of the cone.

Clearly, the drawdown is proportional to pump-

ing rate, and it decreases with distance at any time

and increases with time at any distance. For a given

pumping rate and a given duration of pumping, the

rates of change are controlled by the aquifer proper-

ties. At a given time,

• lower Kh  larger drawdown spread over a smaller

area

• higher Kh  smaller drawdown spread over a

greater area

• lower Sy  larger drawdown spread over a greater

area

• higher Sy  smaller drawdown spread over a

smaller area

An interesting and useful property of the solution

to equation (9.56) is that the drawdown at any location

due to the pumping of more than one well is equal to

the sum of the drawdowns that would be produced at

that location by each of the wells individually.

9.6.1.2 Contributing Areas
The contributing area of a well is the area on

the land surface above the portion of aquifer from

which water is flowing to the well. Identification of

this area for unconfined aquifers receiving recharge

from infiltration and/or surface-water bodies is im-

portant because (1) the levels of ground-water-fed

lakes or streams in the contributing area will be af-

fected by pumping and (2) any water-contaminating

substances introduced into the contributing area will

eventually reach the well. The delineation of these

areas by analytical and numerical methods was re-

viewed by Morrissey (1987).



Chapter 9 Ground Water in the Hydrologic Cycle 445



446 Part III: Water Movement on the Land

For the ideal, infinite, homogeneous aquifer with

an initially horizontal water table described in the pre-

ceding section all the water extracted from the cone of

depression eventually arrives at the well, and the con-

tributing area at any time is identical to the area of in-

fluence. However, actual aquifers do not have

horizontal water tables (which would imply no flow)

and do not extend infinitely. If the water table is ini-

tially sloping, the cone of depression is no longer cir-

cular and the contributing area does not coincide with

the area of influence (figure 9.41). If the aquifer is in a

river valley, the contributing area may extend to or

even beyond the river (figure 9.42 on pp. 448�449).

9.6.2.1 Effects on Natural Recharge and Discharge
Consider the ground-water system of a drainage

basin in which there is no ground-water flow in or

out. Under natural (no development) conditions, the

long-term average recharge and discharge for this

system must be in balance, and from equation (9.23):

Rnat � QGWnat = 0, (9.60)

where the subscript �nat� denotes the natural re-

charge and discharge rates.

If one or more wells begins pumping from the

system, water will be removed from aquifer storage

as the cones of depression develop. In addition, the

natural rates of recharge and/or discharge will in

general be changed as the water-table configuration

is altered by the pumping. Thus, during develop-

ment, the water-balance for the system becomes

where R and QGW are the changes in recharge and

discharge, respectively, due to the water-table lower-

ing induced by the pumping; Qw is the total pump-

ing rate; and S/ t is the rate of change of aquifer

storage ( S/ t < 0). Combining equations (9.60)

and (9.61) yields

Equation (9.62) states that ground-water extraction

must be balanced by a decrease in storage (� S,

which always occurs) and, in general, by some com-

bination of increased (induced) recharge (+ R) and/

or decreased ground-water discharge (� QGW). We

now examine how water tables lowered by pumping

affect R and QGW.

From the definition of recharge [equation

(9.22)], we see that R must be due to some combi-

nation of: (1) increased recharge from infiltration,

RI; (2) increased recharge from surface-water bodies,

R R Q Q Q
S

t
nat GWnat GW w ,

(9.61)
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R
SW

; and (3) decreased capillary rise, CR. Lowered

water tables due to pumping affect these components

in the following ways:

R
I
: As shown in figure 9.26, net recharge from

infiltration tends to increase with water-

table depth up to a point, beyond which

there is little change.

R
SW

: As shown in figure 9.42, the cone of

depression from wells near streams can

extend to the stream, locally reverse the
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potential gradient, and induce recharge

from the stream. (This effect is discussed

further in the next section.)

CR: Again from figure 9.26, lowered water

tables tend to decrease capillary rise by

lowering the capillary fringe beyond the

reach of plant roots.

Thus the overall effect of ground-water development

tends to be a net increase in recharge; the magnitude

of the effect will be highly dependent on the drain-

age-basin geology, topography, and climate and the

placement and pumping rates of wells. In humid re-

gions with gaining streams, lakes, and wetlands,

much of this will be due to water loss from surface

water ( RSW).

It should be clear from the preceding discussion

that some “mining”�i.e., removal of water from

aquifer storage�occurs with any extraction rate.

However, if a constant rate of ground-water extrac-

tion is imposed on a region for a sufficient time, a

new equilibrium state may eventually be reached in

which there is no further change in storage ( S/ t =

0); if this occurs, the extraction rate ( Qw) is supplied

by increased recharge ( RI  + RSW > 0) and/or re-

duced discharge ( CR + QGW < 0). Bredehoeft et

al. (1982) pointed out that the time required to reach

this equilibrium may be very long indeed (hundreds

of years), depending on the region’s size, hydrology,

and geology and on the locations and pumping rates

of wells. In some situations, it is not possible to reach

an equilibrium state before drawdown at wells equals

its maximum value, i.e., the water table is drawn

down to the bottom of the deepest well. Only de-

tailed ground-water modeling studies can evaluate a

given situation.
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9.6.2.2 Effects on Streams
As shown in figure 9.42, ground-water extrac-

tion can reduce streamflow by: (1) inducing local re-

charge from a gaining stream ( RSW > 0) and (2)

intercepting water that would naturally discharge to

streams ( QGW < 0). The net of these two effects is

called stream depletion, Dw:

Dw RSW � QGW . (9.63)

Jenkins (1968) showed that, under the same ide-

alized aquifer conditions used to solve equation

(9.56), the ratio of stream depletion rate to a con-

stant rate of pumping, Qw, from a well located a dis-

tance x from a stream is given by a depletion

function, D, where

Figure 9.43 gives the form of this depletion func-

tion; note that depletion rate is a function of the aquifer

properties (Kh, Sy, h0) and the distance of the well from

the stream (x), and that the function is asymptotic to

Dw(t)/Qw = 1. Thus the fraction of pumpage that comes

from the river increases with time until ultimately all the

water withdrawn by the well comes from streamflow.
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Box 9.10 gives an example of the application of

this relation to estimating streamflow depletion

rates. Jenkins (1968) gave additional examples, and

showed how the relation can be used to estimate de-

pletion rates and volumes due to continual and inter-

mittent pumping.

9.6.2.3 Salt-Water Intrusion

Consider a well located above the fresh-salt in-

terface in a coastal aquifer like that shown in figure

9.23. By the Ghyben–Herzberg principle (box 9.5),

the elevation of the interface will increase by 40 m

for every 1 m in drawdown caused by pumping. Thus

if the drawdown at the well approaches 1/40th of the

vertical distance between the bottom of the well and

the interface, the well is likely to pump salt water.

To the extent that the idealized conditions as-

sumed in deriving them are not satisfied, equations

(9.57)–(9.59) will not exactly predict the drawdown

in a coastal aquifer. This may occur when the aquifer

is not quasi-infinite, the well is not fully penetrating,

or the interface between fresh and salt water is not

sharp. Modified versions of those equations are

available to account for these complicating condi-

tions (Freeze and Cherry 1979).

It is widely believed, even by many hydrologists

and water-resource managers, that the sustainable

rate of extraction—or “safe yield”—of ground water

from a basin equals the rate of natural recharge, Rnat.

It should be clear from the preceding discussion that

this is not true: Equation (9.62) shows that the rate

of extraction is supplied by a decrease in storage and,

in general, by changes in recharge and/or discharge.

Rnat itself does not enter into that equation, and in

fact is relevant to the determination of safe yield only

to the extent that it should be accounted for in

ground-water models (Bredehoeft et al. 1982; Brede-

hoeft 1997, 2002; Zhou 2009). Instead,

The preceding discussion has identified the most

important hydrologic impacts of ground-water ex-

traction, and most of these have potentially undesir-

able effects:

• Reductions of streamflow may seriously reduce

surface water available for instream (e.g., wildlife

habitat, waste dilution, hydropower, recreation,

navigation) and withdrawal (water supply, irriga-

tion) uses.

• Levels and/or extents of lakes and wetlands may

be reduced, with consequent loss of valued habitat

and recreational value.
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EXERCISES

1. Given the following measurements at individual piezometers, calculate (a) the hydraulic

head, (b) the pressure head, (c) the elevation head, and (d) the pressure:

2. Piezometers A, B, and C are located 1,000 m apart in a horizontal aquifer. A is due south of

B, and C is due east of a line between A and B. Given the data in the table below, determine

(a) the direction of ground-water through the triangle ABC and (b) the hydraulic gradient.

3. A horizontal aquifer with a thickness of 45 m is subjected to pumping that lowers the pres-

sure head by 25 m. Assuming an aquifer compressibility of  = 1.8×10–8 m2/N, how much

does the aquifer compact?

4. Obtain information about the general geology and ground-water environment of your

region. For the United States, information can be accessed at http://water.usgs.gov/ogw/

gwrp/activities/regional.html. Write a brief report summarizing the general geology and

regional ground-water flow, including:

a. Typical values of ground-water residence times [equation (9.14)].

b. Which of the fundamental hydrologic landscape units (FHLUs) shown in figure 9.15

most closely applies to your region?

c. Likely typical values of the water-table ratio (WTR) [equation (9.16)].

d. The implication of regional WTR values for computation of watershed water budgets.

• Extent of areas where water is available to plants

that exploit the capillary fringe (phreatophytes)

may be reduced, with consequent loss of habitat.

• Ground-water outflow to the ocean may be re-

duced, with consequent effect on coastal wetlands

and/or nearshore benthic marine habitats.

• Lowered water table may cause land subsidence as

some of the overburden stresses formerly sup-

ported by ground water are transferred to the min-

eral grains (box 9.2). Land subsidence of up to 9 m

has occurred due to extraction of ground water for

irrigation in the Central Valley of California.

• Costs of pumping, which are proportional to depth

of water table, rise.

• Water tables lowered by one developer may fall be-

low depths of nearby wells belonging to others,

perhaps resulting in legal action.

• The fresh-salt interface may be raised, increasing

the likelihood of salt-water intrusion.

Because of the varying importance of all these

hydrologic effects and their economic, social, envi-

ronmental, and legal consequences in different re-

gions, and within a given region, there is no general

formula for computing “safe yield.” Acceptable

rates of development can only be determined by: (1)

determining the likely hydrologic effects of various

combinations of rates, timing, and location of

ground-water extraction, which requires ground-wa-

ter modeling; (2) assessing the environmental, eco-

nomic, legal, and social impacts of these effects; and

(3) balancing the benefits afforded by the ground wa-

ter against the undesirable consequences of the vari-

ous schemes.
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5. Which of the stream types shown in figure 9.17 characterizes streams in your region? Are

different types associated with streams of different sizes?

6. a. To what extent do streams in your area seem to conform to the Dupuit approximation

(box 9.4)?

b. Locate a stream-gauging station in your region and obtain annual flow data with which

to estimate long-term average discharge, Q. In the United States, gauging stations can be

located via the USGS website (http://www.usgs.gov/water) and average discharge data

can be directly obtained through the WaterWatch website (http://waterwatch.usgs.gov)

by clicking on �Toolkit,� followed by entering the name or number of the stream-gaug-

ing station of interest. Estimate the proportion of streamflow from ground water, QGW/

Q, via equation (9.18), using topographic maps or Google Earth to estimate a regional

value of interstream spacing X and stream length L for the selected gauge.

7. It is often stated that riparian wetlands reduce downstream flooding by acting as �sponges�

that absorb flood water from upstream. Evaluate that belief based on the discussion in sec-

tion 9.3.2.

8. Compute the base-flow index (BFI) for one year for a USGS stream gauge as specified by

your instructor, following the instructions in box 9.8 to download the data and compute

the BFI in a spreadsheet. (Ideally, different students could compute values for different

streams for the same year and compare BFI values.)

9. A series of observation wells (piezometers) are installed in a straight line at varying dis-

tances from the edge of a small reservoir in Durham, New Hampshire. The table below

gives the distances from the reservoir, the heights of the top of the well casing (TOC) above

the ground surface, the ground-surface elevations, and the depth to water table from TOC

as measured in October 2000 and October 2001. 

a. Calculate the water-table elevations at each well and the reservoir water-surface eleva-

tions for the two years.

b. Graph the ground and water-table elevations along the profile for the two years. Use an

appropriate degree of vertical exaggeration. Show the locations of all measurements

and the calculated elevations.

c. Write a paragraph summarizing your observations. Is the relation of ground water to

surface water typical of humid regions?

10. Outer Cape Cod at Eastham, Massachusetts, is a 4,800-m wide north/south-trending pen-

insula consisting of glacially deposited sands and gravels. Ground water discharges into the

Atlantic Ocean to the east and Cape Cod Bay to the west. Recharge from precipitation =

0.46 m/yr; the aquifer specific yield is 0.15 and hydraulic conductivity is 75 m/day.

a. Calculate and graph the water-table profile and depth to salt-water/fresh-water inter-

face from the center of the peninsula to either coast, accounting for the outflow face.

b. Calculate the width of the outflow face.

c. Calculate the discharge per length of coastline through the outflow face.

11. Figure 9.32 shows a portion of a flow net adjacent to one-half a symmetrical stream.

Assume that the flow net is spatially and temporally representative of a reach of length L =

1,500 m, that the aquifer is homogeneous and isotropic with a hydraulic conductivity Kh =
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10�5 m/s, and that the equipotentials are drawn at h = 1 m intervals. What is the ground-

water contribution to streamflow QGW for this reach?

12. Construct a spreadsheet program to explore the effects of various degrees of relative

uncertainty in estimates of precipitation and evapotranspiration on the G terms estimated

in the example in box 9.9 (see section 1.11.2). Typical 95% confidence levels for relative

errors are 5% for streamflow and 10% for precipitation and evapotranspiration. Does your

analysis tend to confirm or cast doubt on the hypothesis that deep seepage is important in

this region?

13. Find a drainage basin in your region in which an analysis like that of box 9.9 can be done.

Carry out the analysis and test for the effects of uncertainty on your estimates of deep

seepage.

14. Using the WellFunc.xls spreadsheet on the disk accompanying the text, compute the

drawdown for a well pumping 3,000 m3/day for distances up to 3 km and times up to 10

yr from an aquifer with a hydraulic conductivity of Kh = 30.5 m/day and a specific yield of

Sy = 0.15.

15. Use the spreadsheet program WellFunc.xls to compute drawdowns as a function of dis-

tance and time for an aquifer typical of your region. How well do the assumptions involved

in deriving the well function apply for this case?

16. Use WellFunc.xls to explore the effects of varying at least two of the variables Qw, Kh, Sy,

and h0 on drawdown for a typical aquifer in your region and write a paragraph describing

your results.

17. What are the most important potential adverse impacts of ground-water development in

your region? Is there evidence that any of these impacts have occurred? What studies

would you recommend for determining safe yield in your region?

NOTES

1 Ground-water hydrologists often distinguish between the primary porosity, which is the original inter-

granular porosity of a soil or sedimentary deposit, and the secondary porosity, which is due to void

spaces developed subsequently by fracturing and/or dissolution.
2 The effect of pumping on the ground-water balance is considered in the last section of this chapter.
3 As described in sections 7.4.1 and 8.1.4, this water movement occurs in response to pressure gradients

created by evapotranspiration that reduces the liquid water content in the vadose zone. Capillary rise can

be a significant portion of basin evapotranspiration in many semiarid and arid regions where a class of

vascular plants called phreatophytes grows near streams and obtains water via roots that extend to the

capillary fringe. Saltcedar, arrowweed, cottonwood, cattails, and willows are common phreatophytes.


